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Abstract 
Theoretical and planetary studies show that the Earth’s upper mantle is more oxidised than it 
should be. The mechanism by which this took place and the timing of the oxidation is contested. 
Here we present new Mössbauer spectroscopy measurements of the ionic ratio Fe3+/(Fe3++Fe2+) in 
the mineral chromite hosted in mantle-derived melts to show that there is no change in mantle 
Fe3+/(Fe3++Fe2+) ratio before and after the oxidation of the Earth’s atmosphere at ca. 2.4 Ga and 
over Earth history from 3.8 Ga to 95 Ma. Our finding supports the view that the oxidation of the 
asthenospheric mantle was very early and that the oxygenation of the Earth’s atmosphere was not 






Theoretical studies indicate that the Earth’s mantle should have been less oxidised early in the 
history of the planet than direct measurements suggest. For example, the oxidation state of the 
modern mantle is several orders of magnitude greater than the conditions required for equilibrium 
between mantle and core (Wade and Wood, 2005). This observation implies that at some stage in 
Earth history the upper mantle has been oxidised. An emerging view suggests that this took place 
in stages (Gaillard et al., 2015). That the initial oxidation took place very early, during late 
accretion (Schonbachler et al., 2010), followed by a self-oxidation event through the 
disproportionation of mantle FeO via perovskite crystallisation in the lower mantle (Williams et 
al., 2012). A further stage in the oxidation of the mantle may be reflected in the sharp rise in the 
oxidation of the Earth’s atmosphere during the Great Oxidation Event (GOE) at ca 2.4 Ga, (Lyons 
et al., 2014).  
 
The extent to which these mantle events are reflected in basaltic melts is disputed. Proxy studies 
using trace elements (Canil, 2002; Li and Lee, 2004) and Fe-isotopes (Hibbert et al., 2012) suggest 
that the Earth’s mantle has had a constant ‘modern’ oxidation state since 3.5 Ga and a new study 
on the oxidation state of the Jack Hills zircons suggests that these conditions may extend back to 
ca 4.3 Ga (Smythe and Brenan, 2016). If these results are correct then the Earth’s mantle was 
oxidised very early in the history of the planet and had no direct bearing on the oxidation of the 
Earth’s atmosphere during the GOE.  
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However, thermodynamic modelling predicts that Archaean mantle melting would have been 
hotter and deeper, in the garnet stability field, and Archaean basalts would be more reduced than 
those produced today (Gaillard et al., 2015). Recently Aulbach and Stagno (2016) have shown on 
the basis of the V/Sc trace element proxy in Archaean mafic rocks that the Archaean mantle was 
more reducing than the modern, as predicted in the thermodynamic modelling. It should be noted 
however, that these results are in conflict with what has been previously observed in other proxy 
studies (Canil, 2002; Li and Lee, 2004). 
 
Here we present new measurements of the principal oxidation buffer in the Earth’s mantle, the 
Fe3+/Fe ratio (Fe3+/(Fe2+ + Fe3+)) in chromite from Archaean mafic and ultramafic magmas. Our 
results are from melts of the asthenospheric mantle rather than the more reduced sub-continental 
lithospheric mantle (Foley, 2011). We use Mössbauer spectroscopy to determine the Fe3+/Fe ratio 
in chromite, the earliest phase to crystallise and sensitive to the Fe3+/Fe ratio of its parent magma. 
We assume that the Fe3+/Fe ratio of the melt is a function of the Fe3+/Fe ratio of the mantle 
source. The melts we examined all formed in deep crustal magma chambers and so are not 
degassed. Recent Mossbauer studies show that some chromites can experience post-magmatic 
oxidation, thus distorting the results in favour of an oxidized mantle. Here we use site occupancy 
data determined by single crystal X-ray measurements to identify and eliminate such samples from 
our datasets (Lenaz et al., 2014). 
 
We apply this approach to late Archaean chromitites from the ca 2.7 Ga Northern Marginal Zone 
of the Limpopo Belt in Zimbabwe, the ca 3.0 Ga Fiskenaesset Anorthosite Complex of west 
Greenland and to early Archaean chromitites from the ca 3.8 Ga Ujaragssuit intrusion in west 
Greenland. We use samples in which the chromite is in equilibrium only with melt and the mineral 
olivine in order to ensure that the Fe3+ partitioning is entirely between the chromite and melt 
phases. On this basis we compare our Archaean results with measured Fe3+/Fe ratios in chromites 
from the 3.3 Ga Seqi Ultramafic Complex, southwest Greenland, the 2.06 Ga Bushveld complex 
and from the 95 Ma-old Oman ophiolite, all samples previously measured in our laboratory (Szilas 
et al., (in press), Lenaz et al., 2014; Adetunji et al., 2013). We observe no difference in the 
Fe3+/Fe ratio in chromite over geological time, supporting the view that the oxidation of the 
Earth’s upper mantle had taken place before 3.8 Ga.  
 
Sample description 
All the chromitite samples examined in this study have been collected from small scale mafic or 
ultramafic layered intrusions typical of those found in Archaean terrains (Windley, et al.,  1981). 
 
1. ca 3.8 Ga chromitites from the Ujaragssuit intrusion, west Greenland 
The layered ultramafic body in the Ujaragsuuit nunât region of west Greenland is located about 20 
km SE of the Isua Greenstone Belt (Rollinson, et al., 2002; Chadwick and Crewe, 1986; Appel, et 
al., 2002). About 45m of the stratigraphy is preserved, the lower part of which comprises an 
alternating sequence of dunites and chromitites. In the upper part of the succession there are some 
thin amphibole harzburgites, leucogabbros and anorthosite. Zircons from the enclosing felsic 
gneisses provide a minimum age of 3811 ± 4 Ma (Nutman et al., 1996) although Pb-Pb, Re-Os 
and Pt-Os geochronology of the chromitites suggests that these rocks were subjected to a late 
Archaean metamorphic event (Rollinson, et al., 2002; Coggon, et al., 2013). A Lu-Hf whole rock 
errorchron for similar ultramafic rocks collected south of Isua indicates an age of 3906 ± 34 Ma 
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(Julia van de Löcht, pers com., 2015). In detail the chromites preserve a complex history and define 
two trends (Figure 1a).  Chromites in the dunite-chromitite sequence have core compositions with 
cr# (molar Cr/Cr+Al) between 0.71 and 0.81 and define an iron enrichment trend between fe# 
(molar Fe2+/(Mg+Fe2+) 0.57 and 0.91. These chromites are thought to reflect the primary magmatic 
compositions (Figure 1a). Chromites in the harzburgite-leucogabbro-anorthosite bands define an 
Al-enrichment trend from cr# 0.85, fe# 0.93 to cr# 0.37, fe# 0.63 (not shown). These chromites 
show complex replacement textures indicative of late magmatic replacement and post-date the 
primary igneous compositions shown in Figure 1a (Appel, et al., 2002). 
 
On a cr#-fe# diagram the composition of the magmatic chromites overlap with the field of 
chromites from komatiites although at Ujaragssuit compositions have evolved towards more Fe-
rich compositions. Olivine core compositions in the dunites are between Fo86 and Fo88 and in the 
banded dunite-chromitites are Fo90 and for the entire ultramafic suite olivine Fo-Ni concentrations 
scatter about the trend for the Belingwe komatiites (Rollinson et al., 2002). Oxygen isotope 
measurements on the dunitic olivines suggests that they preserve their primary magmatic18O 
ratios (5.25-5.27‰, Lowry et al., 2003). Typical komatiitic olivines range in composition from 
Fo90 to Fo94
 (Arndt et al., 2008) supporting the view that the parental Ujaragssuit magmas may 
have been komatiitic. Pt-Os isotopes from three massive chromitites from this locality record a 
depletion event in the mantle source at 4.1 Ga, from which the magmas were subsequently derived 
at ca 3.8 Ga, indicating that one or more mantle melting events had taken place on Earth before 
the formation of the Ujagarssuit layered body (Coggon, et al., 2013). 
 
2. ca 3.0 Ga chromitites from the Fiskenaesset Anorthosite Complex, west Greenland  
The Fiskenaesset Anorthosite Complex of west Greenland is a layered ultramafic-gabbro-
anorthosite complex intruded into amphibolite facies basaltic volcanic rocks and enclosed in 
tonalitic gneisses which are metamorphosed to amphibolite and granulite facies (Myers, 1985). It 
has been dated using the Sm-Nd isochron method at 2973 ± 28 Ma (Polat, et al., 2010). The 
anorthosites are particularly thick and represent a major part of the stratigraphy and are very calcic. 
Plagioclase compositions are often close to An90. Chromitite bands occur throughout the complex 
but are particularly prominent in the anorthosites. A detailed study of chromitites from 
Qeqetarssuatsiaq Island (Rollinson, et al., 2010) showed that the primary magmatic crystallising 
phases in the chromitites and associated anorthosites were chromite, pargasitic amphibole and 
plagioclase. The chromites are much more Fe-rich than those which crystallise from mafic and 
ultramafic melts. It has been proposed that the parental melt to the Fiskenaesset complex was a 
hydrous aluminous basalt derived from an aluminous mantle source probably in an arc setting 
(Rollinson, et al., 2010; Polat, et al., 2011). The magma source had Nd = 3.3 +/- 0.7, consistent 
with the depleted mantle at ca 3.0 Ga (Polat, et al., 2010).  
 
The chromites examined in this study are very Fe-rich and have cr#=0.49-0.60, fe# 0.54-0.84; they 
define two trends on a cr# vs fe# diagram. The more ultramafic samples lie on a trend of decreasing 
cr# and increasing fe# whereas the anorthositic samples define a trend of increasing cr# with 
increasing fe# (Figure 1b). 
 
3. ca 2.7 Ga chromitites from the Inyala and Rhonda ultramafic complexes, the Northern Marginal 
Zone of the Limpopo Belt, Zimbabwe 
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The Inyala and Rhonda ultramafic complexes in Zimbabwe are located in the northern marginal 
zone of the Limpopo belt, a suite of granulite facies gneisses which on geological and 
geochronological grounds are thought to represent the lower crust of the Zimbabwe Craton 
(Blenkinsop, 2011; Rollinson, and Whitehouse, 2011). The Inyala ultramafic complex comprises 
a layered and partially serpentinised dunite-pyroxenite-chromitite complex and although the 
surrounding rocks have been metamorphosed to amphibolite and granulite facies these ultramafic 
rocks preserve primary igneous layering and some igneous textures. Primary chromite 
compositions, now preserved in the massive chromitites are highly magnesian (mg#=0.67) and 
chrome-rich (cr#=0.77), (Rollinson, 1997 and see Figure 1c). Olivines in the associated dunites are 
also magnesian have compositions between Fo91 and Fo93.5. These compositions are very close to 
the chromite and olivine compositions recorded in the Belingwe Greenstone Belt, in the upper part 
of this crustal section, and suggest that the Inyala ultramafic body crystallised from a komatiitic 
magma (Rollinson, 1997). It is possible that these ultramafic rocks are the deeper crust equivalent 
of the komatiitic Mashaba sill complex in the southern part of the Zimbabwe Craton. The Rhonda 
ultramafic complex is about 8 km SSW of Inyala and is an assemblage of dunite/serpentinite, 
pyroxenite, amphibolite and chromitite with banded iron formation. This suite forms a lens about 
5 km long and 500m wide. At the Rhonda mine dunites are the dominant lithology although the 
chromitites described here are most commonly associated with pyroxenites (Rollinson, 1995).  
 
The Inyala and Rhonda ultramafic complexes are part of an ‘early supracrustal suite’ of and predate 
the enclosing TTG gneisses (Blenkinsop, 2011). The Inyala TTG ‘pluton’ has a U-Pb zircon 
crystallisation age of 2649 ± 7 Ma (Rollinson, and Whitehouse, 2011) making the ultramafic 
assemblages older than this. An upper age limit for the Inyala complex has been estimated as of 
ca 2720 Ma (Nagler, et al., 1997) although there is a measured U-Pb zircon age of 2746 ± 4 Ma 
for the Mashaba complex – potentially a mid-crustal equivalent to the Inyala and Rhonda 
ultramafic complexes (Prendergast, and Wingate, 2013). Re-Os isotopic studies of the Inyala 
chromites show subchondritic initial 187Os/188Os ratios which could indicate an interaction between 
the komatiitic melts and the sub-continental lithospheric mantle (Nagler, et al., 1997). 
 
Methodology 
The 57Fe Mösbauer spectrometric analysis of iron-bearing minerals is robust and offers the best 
unambiguous technique for obtaining a good estimate of Fe3+/Fe in our chromite samples. In this 
method the ratio Fe3+/Fe is determined non-destructively, thereby obviating an estimate of Fe3+ 
from mineral stoichiometry. In addition single crystals of some samples were examined by X-ray 
diffraction. The combination of the crystal chemical parameters together with the measured 
Fe3+/Fe ratios allows site occupancies in the spinel to be calculated. Previous studies have shown 
that some chromites experience post-magmatic oxidation and as a consequence are not 
stoichoimetric (Rollinson et al., 2012), thus we have proposed the use of site occupancy 
calculations determined from single crystal X-ray diffraction data to identify unaltered grains 
(Lenaz et al., 2014). Nevertheless the primary measurement of Fe3+/Fe ratio is by Mössbauer 
spectroscopy and the results presented here are based upon this method. The average composition 
of grains used in this study are given in Table 1. 
 
Mössbauer spectroscopy: Room temperature Mössbauer measurements were made on clean 
chromite separates with a 25mCi 57Co source in an Rh matrix, which was driven at constant 
acceleration in a triangular mode. The Doppler energies from the 14.4keV -rays were detected 
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with a YAlO3:Ce scintillation counter. About 50 mg of sample was used, distributed as 28mg/cm
2 
of sample in the sample holder, as calculated from the Lagarec and Rancourt (1998) software 
discussed below. The spectra were recorded in 1024 channels and the Lorentzian lines of the folded 
data were fitted, using the least-square RECOIL 1.04 computer program (Lagarec and Rancourt, 
1998) – see Figure 2. All centroid shifts values are relative to -iron. The best fits were obtained 
by reduced 2. The uncertainties were calculated using the covariance matrix. Errors were 
estimated at about 0.002mm/s and 0.02mm/s for isomer shift and quadrupole splitting EQ, 
respectively. A correction for the difference between the recoil-free fractions was applied for Fe2+ 
and Fe3+ in the tetrahedral and octahedral sites at room temperature in chromite according to De 
Grave and Van Alboom (1991), Eeckhout and De Grave (2003) and Quintiliani (2005) and for 
amphibole – see Table 2 - (Dyar et al., 1993).  
 
The spectra were fitted with four doublets: Fe2+(T) + Fe2+(M) + Fe3+(T) and Fe3+(M) consistent 
with the predictions of the site occupancy from X-Ray diffraction. The criteria for the allocation 
of Fe-cation sites was based on the relative centroid shift values and the quadrupole splitting, (QS), 
of the doublets and the site occupancy was determined from the area ratio of the doublets 
(Rollinson et al., 2012; Pal et al., 1994; Rais et al., 2003) and are [Fe3+T] < [Fe3+M] < [Fe2+T] 
< [Fe2+M]. No single model could be used for all samples and although the majority were 
allocated as indicated above. individual samples had the following site occupancies 2Fe2+((T) + 
Fe3+(T) + Fe3+(M), Fe2+(T) + Fe2+((M) + 2Fe3+(M), Fe2+(T) +Fe2+ (M) + 2Fe3+(T), 3Fe2+(T) + 
Fe3+(M). Our Mössbauer data are presented in Table 2. 
 
X-Ray diffraction: Individual crystals were selected for X-ray diffraction and these grains 
chemically analysed on the electron microprobe (see below). The X-ray diffraction data were 
recorded using an automated KUMA-KM4 (K-geometry) diffractometer, using MoKα radiation, 
monochromatized by a flat graphite crystal. Data was collected, according to the method of Della 
Giusta et al. (1996), with up to 55° of 2Ɵ in the ω-2θ scan mode (scan width 1.8° 2θ, with counting 
times from 20 to 50 s, depending on the peak standard deviation). Twenty-four equivalent 
reflections of (12 8 4) peaks, at about 80° of 2θ, were accurately centered at both sides of 2θ, and 
the α1 peak barycenter was used for cell parameter determination. Corrections for absorption were 
performed (North et al., 1968) and structural refinement using the SHELX-97 program (Sheldrick, 
2008) was carried out against Fo2hkl in the Fd–3m space group (with the origin at –3m), since no 
evidence of different symmetry appeared. Scattering factors are from Prince (2004) and Tokonami 
(1965). The X-ray diffraction data are presented in Table 3.  
 
Electron microprobe analysis: Mineral analyses of the Fiskenaesset and Zimbabwe samples were 
made on a Cameca SX837 electron probe microanalyser at the Department of Earth Sciences, 
University of Bristol, using wavelength dispersive detectors and the ZAF data reduction procedure. 
Operating conditions were 20kV accelerating voltage, 20nA beam current; the beam diameter was 
ca 1m. The standards used were olivine (Mg, Si), albite (Al), wollastonite (Ca), ilmenite (Fe, Ti), 
chromite (Cr), and V, Mn, Ni and Zn metal. Detection limits in chromites were 0.01 wt % oxide 
Ca; 0.02 wt % oxide Ti; 0.03 wt % oxide Ni; 0.04 wt % oxide Mn, Zn; 0.05 wt % oxide, Mg, Al, 
Si; 0.07 wt % oxide, Fe; 0.09 wt % oxide Cr; 0.1 wt % oxide V. Two standard deviation relative 
errors on individual chromite point analyses are 1.4 % MgO, 1.6% Al2O3, 7.6 % TiO2, 2.0% Cr2O3, 
6.5 % FeO, 18.4 % MnO, 20% NiO, 39% V2O3, 62% ZnO. The Ujaragssuit samples were analysed 
on a JEOL JXA 8600 wavelength dispersive microprobe, also at the University of Bristol 
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(Rollinson, et al., 2002). One sample from Ujaragssuit (462393) was analysed using a Zeiss Leo 
1450VP scanning electron microscope. Quantitative results were obtained using an energy 
dispersive Oxford Instruments X-Max 20 silicon detector together with Inca software. The 
operating conditions were 20 kV, 50 A beam current with a nominal beam size of 1 m. Multiple 
electron microprobe analyses were made for each sample normally as cross-grain traverses and 
average chromite analyses for each sample are reported in Table 1. It is assumed that these average 
data are representative of the average Fe3+/Fe data obtained from the Mössbauer measurements. 
Average analyses were recalculated with the number of oxygens fixed at 32 and the iron allocated 
to Fe2+ and Fe3+ cations obtained from the Mössbauer data. In this calculation scheme 
stoichiometric grains will have an exact total of 24 cations (Table 1).  
  
The single crystals that were analysed by X-ray diffraction were subsequently analysed on a 
CAMECA-CAMEBAX electron microprobe operating at 15 kV and 15 nA. In each case 10-15 
points were analysed. A 20 s counting time was used for both peak and total background. Synthetic 
oxide standards (MgO, FeO, MnO, ZnO, NiO, Al2O3, Cr2O3 and TiO2) were used. Raw data were 
reduced by PAP-type correction software. The fact that a different data reduction programme was 
used for these data and that a single grain was selected for analysis means that there are some 
compositional differences between the grains used in the X-ray diffraction analysis (Table 3) and 
the average compositions used in the Mössbauer analysis (the average of several grains, Table 1). 
This may account for some of the discrepancies between the Fe3+/Fe ratios calculated using the 
two different methods as is discussed in some detail by Lenaz et al., (2013, 2014). Further checks 
on mineral stoichiometry may be obtained from the totals of the cation calculations in Table 1. 
Stoichiometric grains should be exactly 24.00. 
  
Olivine-spinel Fe-Mg exchange temperatures have been calculated for those samples in which 
olivine and chromite coexist. Using the calibration of Balhaus et al. (1991) calculated equilibration 
temperatures are in the range 535-676 oC (Table 1) and it is clear that these samples have re-
equilibrated down temperature, the net effect of which is to alter the Fe3+/Fe ratio of the spinels 
from that of their original magmatic state. For example in a single thin section of sample 92481 
from Fiskenaesset chromite grains in olivine domains of the sample have core compositions with 
fe#=0.58, whereas in massive chromitite domains the chromite fe#=0.51, indicating strong Fe-
enrichment in spinel due to down temperature re-equilibration. For this reason our results are based 
upon massive chromitites in which the possibility of Fe-Mg ion-exchange with silicate phases is 
minimal and thus preserving magmatic Fe3+/Fe ratios. 
 
Site occupancy calculations. Crystal chemical parameters are calculated as a function of the atomic 
fractions at the two sites and fitted to the observed values obtained during the single crystal X-ray 
measurements using the distribution of cations between the T and M sites (Carbonin et al.,1996; 
Lavina et al., 2002). Site atomic fractions were calculated by minimizing the function F(x) (Table 
3), which takes into account the mean of the square differences between calculated and observed 
parameters from X-ray measurements divided by their squared standard deviations. 
 
Results 
1. ca 3.8 Ga chromitites from the Ujaragssuit intrusion, west Greenland 
In this study we have examined five chromitites which preserve primary magmatic features from 
the lower dunite-chromitite part of the succession – three massive chromitites (462391, 462392, 
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462393) and two banded chromitites (462390 and 462394) and have used the chemical data from 
our previous study (Rollinson et al., 2002). Average compositions are presented in Figure 1a. The 
massive chromitites are made up of grains up to 1-2 mm in diameter and contain 10-20% silicate 
phases, now mostly altered to chlorite ± phlogopite (mg# 0.95-0.97) ± carbonate. Chromite grains 
in sample 462392 contain small inclusions of chlorite and phlogopite. The banded chromitites 
comprise alternating olivine-chromite rich bands. Some olivine grains (Fo90) are large, up to 4 mm 
in diameter, but are frequently altered to chlorite, phlogopite and carbonate. Some chromite grains 
have experienced alteration/ exsolution and show a trellis-like pattern of magnetite bands, in part 
altered to silicate phases and so were excluded from the study.  
 
Three massive chromitites from the lower dunite-chromitite part of the succession of the ca 3.8 Ga 
Ujaragssuit intrusion which preserve primary magmatic features and which have experienced 
minimal ion exchange with other phases have Fe3+/Fe ratios in the range 0.192-0.227 (mean = 
0.211). The higher ratios calculated from the X-ray data are not fully explained but may reflect the 
non-stoichiometric nature of the chromites. This is consistent with the high cation totals. 
 
2. ca 3.0 Ga chromitites from the Fiskenaesset Anorthosite Complex, west Greenland 
The chromitites examined in this study were collected from across the layered complex at 
Fiskenaesset town, Fiskenaesfjord, central Angnertussoq and Qeqetarssuatsiaq island. Six samples 
were examined by Mössbauer spectroscopy and of these, four were also examined by single crystal 
X-ray diffraction. Sample 92481 (Fiskenaesfjord) is the most primitive inasmuch as it is a 
chromitite-dunite (olivine cores Fo92) containing a small amount of clinopyroxene (mg#=0.96). 
Fine grained chromitite bands alternate with dunitic bands on the scale of about 1 cm. Sample 
68693 (Fiskenaesfjord) is an amphibole pyroxenite with chromite-rich horizons containing 
disseminated chromite intergrown with amphibole up to 5mm wide. The amphibole has mg#= 0.84 
and the orthopyroxene has mg#=0.82. In samples 74464 (Fiskenaesset town) and 132043 
(Qeqetarssuatsiaq island) chromite is in anorthosite in which chromite-hornblende-rich bands 
alternate with plagioclase-rich bands on the scale of about 1 cm. The hornblende has mg#=0.76-
0.77 and the plagioclase is An0.82-0.89. In 84450  and 122386b (central Angnertussoq) chromite is 
associated with just hornblende (mg#=0.80) without plagioclase but with a small amount of 
phlogopite (mg#=0.90). As noted above, the chromites are Fe-rich, have cr#=0.49-0.60, fe# 0.54-
0.84 and define two trends on a cr# vs fe# diagram (Figure 1b), average compositions are given in 
Table 1. 
 
The six samples examined by Mössbauer spectroscopy have Fe3+/Fe ratios in the range 0.140 to 
0.208 with a mean value of 0.163 (Table 2). Calculated Fe3+/Fe ratios based on single crystal X-
ray measurements are 0.162-0.190 (Table 3), within the range of the Mössbauer measurements. 
Cation totals are close to 24.00 and are in the range 24.01 to 24.085 indicating a close 
approximation to stoichiometry. Since other samples contain hornblende and in order to ensure 
comparability with samples from Zimbabwe and Ujaragssuit we prefer chromitite-dunite sample 
92481 which is more primitive. This has a Fe3+/Fe ratio of 0.174. Thus for the 3.0 Ga 
Fiskenaeasset intrusion we use the Fe3+/Fe ratio of 0.174. 
 
3. ca 2.7 Ga chromitites from the Inyala and Rhonda ultramafic complexes, the Northern Marginal 
Zone of the Limpopo Belt, Zimbabwe 
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Five samples from the Inyala and Rhonda mines in Zimbabwe were examined by Mössbauer 
spectroscopy and three by X-ray diffraction. Samples 95-04 and 95-05 are massive chromitites 
from Inyala mine (Rollinson, 1997) and have been reanalysed in this study. Silicate phases make 
up about 20% of the rock of which olivine is the main phase (Fo97-98) with lesser amounts of 
orthopyroxene and less than 1% aluminous-magnesian amphibole. The chromites have cr#=0.76-
0.77 and fe# 0.31-0.34 and plot in the field of the more magnesian chromites from the Belingwe 
greenstone belt komatiites (Figure 1c). Samples CMW-31 and 97-31 are massive chromitites with 
10-15 % silicate phases and CMW-34 a banded chromitite from Rhonda mine in which massive 
chromitite bands alternate with pyroxenite bands on the scale of a cm (Rollinson, 1995).  They 
were reanalysed in this study. The chromite coexists with orthopyroxene (mg# 0.95-0.96) and 
clinopyroxene (mg# 0.96-0.97) in these samples. The chromites have cr#=0.77-0.69 and fe# 0.31-
0.44 and together with the samples from the Inyala mine define a trend of decreasing cr# and 
increasing fe# on a cr# vs fe# diagram (Figure 1c). 
 
The five samples examined by Mössbauer spectroscopy have Fe3+/Fe ratios in the range 0.176 to 
0.259 (Table 2) with a mean value of 0.222. X-ray measurements on three of the five samples 
analysed by Mössbauer spectroscopy show Fe3+/Fe ratios in the range 0.223-0.305 (mean 0.254) 
similar to the Mössbauer range. These grains have totals close to 24.00 (23.95-24.08) and are close 
to stoichiometric, although we note the discrepancy between the XRD and Mössbauer Fe3+/Fe 
ratios. We have selected as representative of the original magmatic values four massive chromitites 
with low Fe-concentrations which have measured Mössbauer Fe3+/Fe ratios between 0.176-0.229 
(mean 0.213).  
 
Discussion 
A plot of chromite Fe3+/Fe ratios vs time 
In Figure 3 we plot the results of our Mössbauer study against geological time. In each case we 
plot the range of values obtained in this study and our preferred value as discussed above and show 
that Fe3+/Fe ratios for 2.7-3.8 Ga Archaean chromites lie in the range 0.174-0.213. We also plot 
data for the Seqi Ultramafic Complex in southwest Greenland. This chromite-bearing dunite-
harzburgite complex has a Re-depletion age of 3300Ma and is thought to be a fragment of a layered 
ultramafic complex sourced in highly depleted mantle (Szilas et al., 2016). Fe3+/Fe ratios in the 
chromitites were determined by Mössbauer spectroscopy in our laboratory as part of a wider 
petrological study of this complex and are in the range 0.157-0.233 (n=4) with a mean value of 
0.192 (Szilas et al. in press). Mineral chemical data are plotted in Figure 1d. 
 
We also show that Fe3+/Fe ratios in chromitites from the 2060 Ma Bushveld intrusion (0.139-
0.232) overlap this range (Adetunji, et al., 2013) and that the estimated initial Fe3+/Fe ratio of 
0.215 lies within the Archaean range implying no change in mantle redox during the GOE at ca 
2300-2400 Ma. Further, we show that Fe3+/Fe ratios in mantle-hosted, stoichiometric chromites 
in equilibrium with olivine from the 95 Ma Oman ophiolite are in the range 0.164-0.228, with a 
single value at 0.270 (Lenaz et al., 2014), very close to the range of chromite Fe3+/Fe ratios found 
in the Archaean indicating that there has been no change in the mantle Fe3+/Fe ratio from 95 to 
3900 Ma.   
 
Which mantle source ? 
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Previous petrological studies (Rollinson, et al., 2002; Rollinson, 1997) show that the likely 
parental melts for the 3.8 Ga Ujaragssuit intrusion and the 2.7 Ga Inyala and Rhonda intrusions in 
Zimbabwe are komatiite, implying hot, deep melting in the asthenospheric mantle (Arndt, et al., 
2008). Less is known about the source of the Fiskenaesset magmas. The most primitive sample is 
dunite with olivine Fo92 implying a magnesian parental melt. The emerging consensus is that they 
formed in an arc setting (Rollinson, 2010) from a depleted mantle source. Mineral and whole-rock 
geochemical data indicate that the Seqi samples are from high degree melts of a highly refractory 
mantle source (Szilas et al., in press). Chromites from the 95 Ma mantle of the Oman ophiolite are 
also thought to have formed in an arc setting during subduction initiation in which there was 
significant mantle upwelling from the asthenosphere (Rollinson and Adetunji, 2016).  
 
Implications for the change in mantle Fe3+/Fe ratio over time 
Our results indicate that there has been no change in the mantle Fe3+/Fe ratio from 95 to 3800 
Ma and imply that the oxidation of the mantle was before 3.8 Ga. These findings are consistent 
with previous proxy studies of Archaean mafic rocks as old as 3.5 Ga using the redox-sensitive 
trace elements V and the V/Sc ratio (Canil, 2002; Li and Lee, 2004) and iron isotopes in 2.7 Ga 
komatiites (Hibbert et al., 2012). Here we extend our findings back to 3.8 Ga, although the recent 
results of Smythe and Brenan (2016) on the 4.3 Ga Jack Hills zircons may extend the evidence for 
an oxidised Archaean mantle into the Hadaean.  
 
Aulbach and Stagno (2016) have recently argued on the basis of V/Sc ratios in Archaean mafic 
rocks with ages between 2.5-3.0 Ga, that the mantle has become more oxidised since the Archaean 
and that the reducing Archaean atmosphere was in equilibrium with the Earth’s mantle. Their 
results are consistent with predictions from thermodynamic modelling that deeper mantle melting 
in the Archaean should have produced melts with a more reduced signature (Gaillard et al., 2015). 
In contrast the prior work of Li and Lee (2004) on V/Sc ratios in Archaean basalts found no change 
in the ratio and therefore mantle redox since 3.5 Ga, although Aulbach and Stagno (2016) criticise 
this work on the grounds that these samples were potentially contaminated through interaction 
with the sub-continental lithospheric mantle. Instead they prefer a result based upon a much 
smaller subset of samples of subducted MORB now preserved as amphibolites, granulites and 
eclogites. Our results do not agree with these findings, and there remains a discrepancy between 
what is predicted for models of Archaean mantle melting and what appears to be the geological 
record. However, we note that today the shallow lithospheric mantle is not in equilibrium with the 
Earth’s oxidised atmosphere and so it is not necessary to argue for a reducing atmosphere in the 
Archaean on the basis of a more reduced mantle. 
 
Implications for the GOE 
There is still continued uncertainty over the trigger for and the drivers behind the GOE, not least 
because there is good evidence for oxygenic photosynthesis on Earth well before the GOE event 
at ca 2.4 Ga (Kasting, 2013). A range of organic and inorganic mechanisms that may be responsible 
for the event have recently been reviewed by Kasting (2013) and Zahnle et al., (2013). However, 
despite recent suggestions that there may be a link between mantle processes and the GOE through 
the voluminous eruption of basalts in the 2.44 Ga Matachewan large igneous province (Ciborowski 
and Kerr, 2016) our results do not support a link between mantle oxidation and the oxidation of 
the Earth’s atmosphere at ca. 2.4 Ga. 
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Figure Captions 
Fig. 1. cr# vs fe# diagrams for the 
samples examined in this study 
(average compositions of 
analysed samples shown as red 
circles).  
(a) Samples from the 3.8Ga 
Ujaragssuit layered complex, 
west Greenland showing 
individual point analyses of 
chromitites from the ‘main 
magmatic trend’ in the 
Ujaragssuit sequence (open 
diamonds) (Rollinson et al., 
2002); komatiite array from 
Barnes and Roeder (2001).  
(b) samples from the ca. 3.0 Ga 
Fiskenaesset Anorthosite 
Complex, west Greenland 
showing individual point analyses 
from this study (black squares) 
and data from the study by 
Rollinson et al. (2010), as open 
diamonds. Arrows indicate the 
two chromite trends – Fe-
enrichment with decreasing cr# 
and Fe-enrichment with 
increasing cr#. 
(c) Samples from Inyala and 
Rhonda layered complexes from 
the North Marginal Zone of the 
Limpopo belt, Zimbabwe 
showing individual point analyses 
of chromitites (diamonds). 
Belingwe komatiites (filled 
yellow circles) after Zhou and Kerrich (1992).   
(d) Samples from the Seqi Ultramafic Complex, southwest Greenland. Komatiite array from 
Barnes and Roeder (2001). 
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Fig. 3. Chromite Fe3+/Fe ratio vs time showing the range of measured values for Archaean 
chromitites using Mössbauer spectroscopy (grey box) and probable magmatic values (black box). 
The Archaean range is shown in orange. The results are compared with chromitites from the 3.3 
Ga Seqi Ultramafic Complex (Szilas et al., in review), the 2.06 Ga Bushveld intrusion (Adetunji 
et al., 2013) and chromitites from the mantle section of the 95 Ma-old Oman ophiolite (Lenaz et 
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Tables 
Table 1. Average compositions of chromites analysed by Mössbauer spectroscopy from the three 

















Table 1. Compositions of chromites analysed by Mossbauer spectroscopy
Ujagassuit Fiskenaesset Zimbabwe
462390 462391 462392 462393 462394 68693 74464 84450 92481 122386b 132043 95-04 95-05 97-31 CMW31 CMW34
Inyala Inyala Rhonda Rhonda Rhonda
banded massive massive massive banded massive massive massive massive banded
n 35 50 44 20 58 36 37 40 41 26 48 47 34 44 42 25
SiO2 0.28 0.00 0.29 0.00 0.00 0.01 0.01 0.01 0.01 0.04 0.01 0.01 0.03 0.01 0.01 0.01
TiO2 0.40 0.21 0.20 0.25 0.40 0.11 0.08 0.09 0.31 0.11 0.30 0.20 0.19 0.33 0.25 0.28
Al2O3 8.68 10.94 11.22 11.49 5.12 23.55 22.01 24.79 19.43 24.64 20.79 11.96 12.04 15.17 12.89 14.16
MgO 4.12 8.69 7.41 8.64 3.68 6.21 3.52 5.12 9.86 5.06 3.48 13.54 14.33 12.30 12.99 11.81
FeO 43.98 29.10 29.06 28.64 45.92 31.26 35.00 33.52 25.44 33.68 39.82 16.01 14.02 21.19 17.99 22.01
MnO 0.61 0.41 0.56 0.22 0.52 0.23 0.33 0.37 0.40 0.37 0.57 0.18 0.14 0.34 0.33 0.28
CaO 0.05 0.00 0.00 0.00 0.00 0.01 0.10 0.01 0.01 0.01 0.01 0.00 0.01 0.00 0.00 0.00
NiO 0.39 0.14 0.41 0.17 0.15 0.12 0.09 0.11 0.10 0.11 0.11 0.18 0.13 0.16 0.17 0.16
ZnO 0.00 0.00 0.00 0.00 0.00 0.15 0.11 0.14 0.23 0.15 0.38 0.05 0.03 0.05 0.09 0.05
Cr2O3 41.50 48.34 51.83 51.02 41.68 37.92 37.89 35.52 44.23 35.35 33.33 57.69 58.69 49.93 55.20 51.24
V2O5 0.00 0.00 0.00 0.00 0.00 0.24 0.48 0.36 0.14 0.37 0.46 0.11 0.11 0.17 0.10 0.12
Total 100.02 97.84 100.98 100.43 97.47 99.81 99.62 100.02 100.16 99.88 99.26 99.94 99.73 99.65 100.02 100.12
Cations to 32 oxygens
 Si 0.080 0.000 0.076 0.000 0.000 0.002 0.002 0.002 0.002 0.009 0.003 0.002 0.007 0.001 0.002 0.001
 Ti 0.084 0.044 0.040 0.050 0.088 0.022 0.015 0.018 0.059 0.021 0.060 0.039 0.037 0.064 0.048 0.054
 Al 2.880 3.511 3.506 3.583 1.782 7.117 6.815 7.501 5.821 7.459 6.528 3.596 3.610 4.568 3.877 4.266
 Fe2 8.047 5.123 5.208 4.983 8.496 5.724 6.526 6.188 4.468 6.105 7.025 2.654 2.459 3.508 2.960 3.486
 Fe3 2.309 1.504 1.238 1.357 2.847 0.979 1.161 1.007 0.941 1.128 1.845 0.762 0.525 1.018 0.879 1.219
 Mn 0.145 0.095 0.126 0.050 0.130 0.049 0.072 0.080 0.085 0.081 0.128 0.039 0.031 0.075 0.071 0.062
 Mg 1.730 3.529 2.930 3.408 1.620 2.374 1.379 1.958 3.739 1.938 1.382 5.151 5.439 4.684 4.942 4.500
 Ca 0.016 0.001 0.000 0.000 0.000 0.002 0.029 0.002 0.001 0.002 0.003 0.001 0.003 0.001 0.001 0.001
 Ni 0.088 0.030 0.087 0.036 0.036 0.025 0.018 0.022 0.020 0.022 0.024 0.037 0.026 0.032 0.034 0.032
 Zn 0.000 0.000 0.000 0.000 0.000 0.029 0.022 0.026 0.044 0.028 0.074 0.010 0.006 0.010 0.017 0.009
 Cr 9.240 10.408 10.867 10.676 9.732 7.687 7.868 7.208 8.891 7.179 7.020 11.637 11.809 10.086 11.139 10.357
 V 0.000 0.000 0.000 0.000 0.000 0.049 0.101 0.075 0.028 0.076 0.099 0.023 0.023 0.034 0.021 0.024
 Sum 24.620 24.245 24.079 24.142 24.731 24.060 24.010 24.085 24.099 24.048 24.191 23.950 23.973 24.082 23.992 24.012
fe# 0.823 0.592 0.640 0.594 0.840 0.707 0.826 0.760 0.544 0.759 0.836 0.340 0.311 0.428 0.375 0.437
cr# 0.762 0.748 0.756 0.749 0.845 0.519 0.536 0.490 0.604 0.490 0.518 0.764 0.766 0.688 0.742 0.708
Fe3/Fe 
charge balance 0.360 0.315 0.219 0.266 0.392 0.167 0.152 0.168 0.218 0.170 0.256 0.182 0.151 0.268 0.220 0.260
Mossbauer 0.233 0.227 0.192 0.214 0.263 0.146 0.151 0.140 0.174 0.156 0.208 0.223 0.176 0.225 0.229 0.259
X-ray 0.401 0.316 0.267 0.312 nd 0.183 0.186 0.190 nd 0.162 nd 0.235 0.223 0.305 nd nd
olivine mg# 0.917 nd nd nd 0.902 nd nd nd 0.932 nd nd 0.980 0.971 nd nd nd
ol-spinel T 
o
C 676 nd nd nd 535 nd nd nd 578 nd nd 546 662 nd nd nd
nd = not determined values in bold are used for the averages in Figure 3
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Table 2. Mössbauer site occupancy and Fe3+/Fe ratios for the samples examined in this study. 
 
  














Ujaragssuit 462390 (banded + mgt) T 0.876 1.112 Fe2+ 48.4 0.405
M 0.945 0.555 Fe
2+
7.0 0.122 1.001 0.284 0.233
T 1.072 0.790 Fe
2+
6.9 0.132
M 0.341 0.417 Fe
3+
24.5 0.141
462391 (massive) T 0.921 1.245 Fe
2+
64.3 0.283
M 0.988 0.499 Fe
2+
8.3 0.140 1.006 0.275 0.227
T 0.298 0.700 Fe
3+
4.6 0.100
M 0.332 0.501 Fe
3+
22.9 0.124
462392 (massive) T 0.919 1.196 Fe
2+
65.4 0.302
M 0.967 0.58 Fe
2+
11.0 0.260 1.034 0.235 0.192
M 0.283 0.515 Fe
3+
11.7 0.097
M 0.395 0.505 Fe
3+
11.8 0.100
462393 (massive) T 0.927 1.320 Fe
2+
59.2 0.279
M 0.980 0.573 Fe
2+
14.8 0.136 1.007 0.260 0.214
T 0.280 0.708 Fe
3+
2.2 0.104
M 0.316 0.486 Fe
3+
23.8 0.123
462394 (banded + mgt) T 0.904 1.112 Fe
2+
37.4 0.413
T 0.924 0.766 Fe
2+
15.8 0.151 1.027 0.316 0.263
T 0.771 0.658 Fe
2+
4.7 0.168
M 0.391 0.522 Fe
3+
26.7 0.146
Fiskenaesset 68693 (banded) T 0.933 1.459 Fe2+ 77.6 0.326
Average of 3 M 1.009 0.468 Fe2+ 4.3 0.102 1.029 0.180 0.146
T 0.293 0.708 Fe3+ 10.4 0.097
M 0.289 0.424 Fe3+ 7.6 0.097
74464 (banded) T 0.938 1.494 Fe
2+
67.4 0.294
M 0.990 0.598 Fe
2+
13.9 0.150 1.000 0.187 0.151
T 0.268 0.676 Fe
3+
6.2 0.097
M 0.250 0.334 Fe
3+
12.5 0.113
84450 (massive) T 0.922 1.445 Fe
2+
73.7 0.314 1.516
M 0.956 0.550 Fe
2+
8.9 0.160 0.174 0.140
T 0.286 0.737 Fe
3+
10.4 0.097
M 0.280 0.425 Fe
3+
7.0 0.150
92481 (banded) T 0.913 1.377 Fe
2+
75.7 0.350
M 0.988 0.477 Fe
2+
3.0 0.097 1.002 0.214 0.174
T 0.276 0.726 Fe
3+
3.2 0.097
M 0.314 0.517 Fe
3+
18.2 0.120
122386 (massive) T 0.918 1.440 Fe
2+
78.6 0.399
M 1.011 0.490 Fe
2+
2.1 0.099 1.013 0.193 0.156
T 0.285 0.794 Fe
3+
4.9 0.098
M 0.308 0.537 Fe
3+
14.4 0.139
122386 hornblende T 1.139 2.567 Fe
2+ 39.4 0.195
Average of 2 T 1.027 1.789 Fe
2+ 33.2 0.329 1.512 0.275 0.227
M 0.289 0.8525 Fe
3+ 16.8 0.155
M 0.155 0.2685 Fe
3+ 10.8 0.181
132043 (banded) T 0.844 1.495 Fe
2+
66.4 0.376
T 0.294 0.902 Fe
3+
19.6 0.100 1.001 0.253 0.208
M 0.339 0.593 Fe
3+
5.7 0.134
T 1.201 1.403 Fe
2+
8.4 0.150
Zimbabwe 95-04 (massive) T 0.927 1.163 Fe2+ 69.0 0.290
M 0.997 0.488 Fe
2+
4.0 0.210 1.094 0.271 0.223
T 0.300 0.824 Fe
3+
1.2 0.100
M 0.345 0.501 Fe
3+
25.9 0.120
95-05 (massive) T 0.915 1.200 Fe
2+
70.8 0.300
M 0.895 0.485 Fe
2+
7.6 0.225 1.026 0.216 0.176
M 0.317 0.700 Fe
3+
4.9 0.119
M 0.331 0.457 Fe
3+
16.7 0.111
CMW-31 (massive) T 0.906 1.250 Fe
2+
67.2 0.420
average of 2 M 1.254 0.452 Fe
2+
5.1 0.207 1.002 0.277 0.229
T 0.260 0.768 Fe
3+
5.9 0.174
M 0.339 0.475 Fe
3+
21.9 0.120
97-31 (massive) T 1.035 1.519 Fe
2+
69.4 0.388
M 1.119 0.588 Fe
2+
3.3 0.099 1.350 0.272 0.225
T 0.362 1.443 Fe
3+
12.8 0.121
T 0.359 0.685 Fe
3+
14.4 0.104
CMW-34 (banded) T 0.917 1.44 Fe2+ 60.4 0.345
M 0.994 0.507 Fe2+ 8.4 0.227 1.024 0.311 0.259
T 0.215 0.845 Fe3+ 4.2 0.120
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Table 3. Cation distributions and Fe3+/Fe ratios calculated from single crystal X-ray diffraction 










Table 3. Cation distributions calculated from X-ray and microprobe data
Ujaragssuit Fiskenaesset Zimbabwe
Sample 462390 462391 462392 462393 68693 74464 84450 122386
b
95-04 95-05 97-31
TiO2 0.47 0.27 0.24 0.25 0.09 0.11 0.09 0.10 0.17 0.21 0.40
Al2O3 7.80 12.60 11.60 12.10 24.70 22.20 24.80 24.90 12.20 11.98 15.30
MgO 4.20 9.24 9.00 9.00 7.20 4.21 5.45 5.61 14.10 15.00 12.50
FeOtot 44.20 28.90 26.90 28.90 30.30 35.40 33.65 34.20 15.90 14.20 21.50
MnO 0.53 0.41 0.43 0.40 0.22 0.37 0.40 0.39 0.31 0.22 0.41
NiO 0.21 0.15 0.16 0.17 0.11 0.10 0.10 0.10 0.13 0.12 0.18
Cr2O3 40.80 48.40 51.40 48.70 37.20 37.40 35.40 35.60 57.30 58.70 48.90
Sum 98.21 99.97 99.73 99.52 99.82 99.79 99.89 100.90 100.11 100.43 99.19
FeO 26.40 19.80 19.80 19.90 24.80 28.80 27.25 27.40 12.20 11.10 14.90
Fe2O3 19.80 10.10 7.90 10.00 6.10 7.30 7.10 7.50 4.10 3.50 7.30
Sum 100.21 100.97 100.53 100.52 100.42 100.49 100.59 101.60 100.51 100.83 99.89
T site Mg 0.213 0.419 0.438 0.441 0.314 0.173 0.24 0.224 0.661 0.699 0.589
Al 0.033 0.014 0.000 0.017 0.010 0.011 0.01 0.030 0.028 0.015 0.024
Mn 0.016 0.011 0.012 0.011 0.006 0.010 0.01 0.010 0.008 0.006 0.011
Fe
2+ 0.660 0.491 0.500 0.490 0.617 0.741 0.68 0.684 0.295 0.272 0.345
Fe
3+ 0.075 0.065 0.046 0.041 0.052 0.065 0.07 0.013 0.007 0.008 0.031
Vac
sum 0.997 1.000 0.996 1.000 0.999 1.001 1.00 0.961 0.999 1.000 1.000
M site Mg 0.001 0.033 0.005 0.001 0.023 0.032 0.02 0.040 0.005 0.004 0.007
Al 0.310 0.472 0.453 0.457 0.920 0.841 0.93 0.902 0.428 0.431 0.552
Ti 0.012 0.007 0.006 0.006 0.002 0.003 0.00 0.002 0.004 0.005 0.010
Cr 1.130 1.254 1.340 1.270 0.923 0.965 0.89 0.890 1.439 1.463 1.233
Fe
2+ 0.108 0.047 0.040 0.055 0.036 0.043 0.05 0.036 0.028 0.018 0.051
Fe
3+ 0.440 0.183 0.151 0.206 0.094 0.114 0.10 0.127 0.092 0.075 0.143
Ni 0.006 0.004 0.004 0.005 0.003 0.003 0.00 0.003 0.003 0.003 0.005
Vac
sum 2.007 1.999 1.999 2.000 2.001 2.000 2.00 2.000 1.999 1.998 2.000
m.a.n.X- 68.53 62.84 65.01 63.27 59.42 62.12 60.51 60.05 59.91 60.42 59.71
m.a.n.che 68.47 62.84 63.21 63.12 59.43 62.11 60.43 60.46 59.82 59.41 59.68
F(X) 0.458 0.503 0.339 0.209 0.397 0.228 0.16 0.438 0.117 0.309 0.169
X-Ray 
dataT Site %Fe
2+ 89.8 88.3 91.6 92.3 92.2 91.9 91.1 98.2 97.7 97.1 91.8
%Fe
3+ 10.2 11.7 8.4 7.7 7.8 8.1 8.9 1.8 2.3 2.9 8.2
M Site %Fe
2+ 19.7 20.4 20.9 21.1 27.7 27.4 32.2 22.1 23.3 19.1 26.3
%Fe
3+ 80.3 79.6 79.1 78.9 72.3 72.6 67.8 77.9 76.7 80.9 73.7
Fe
3+
/ΣFe 0.401 0.316 0.267 0.312 0.183 0.186 0.190 0.162 0.235 0.223 0.305
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Supplementary Table 1. Mineral chemical data for samples from Fiskenaesset (average values)
Hornblende Hornblende Hornblende Hornblende Hornblende Orthopyroxeneclinopyroxene Phlogopite Phlogopite Chlorite Olivine Plagioclase Plagioclase
68693 74464 84450 122386 132043 68693 92481 84450 122386 92481 92481 74464 132043
SiO2 46.99 43.54 43.42 43.52 43.72 53.91 56.76 38.87 39.17 31.26 41.11 45.76 46.83
TiO2 0.67 1.24 1.05 1.09 1.18 0.04 0.11 1.38 1.54 0.08 0.00 0.00 0.01
Al2O3 10.86 14.03 14.40 14.20 13.99 2.90 4.84 18.02 17.83 18.96 0.00 34.29 33.83
MgO 17.29 14.40 15.07 15.13 14.47 29.59 21.03 21.93 21.98 32.58 52.03 0.00 0.00
FeO 5.75 7.69 6.65 6.62 8.23 11.94 1.81 4.39 4.59 2.16 6.81 0.06 0.07
MnO 0.08 0.08 0.08 0.08 0.19 0.19 0.06 0.01 0.02 0.01 0.14 0.00 0.00
CaO 11.74 12.30 12.52 12.54 11.77 0.26 12.30 0.01 0.04 0.04 0.01 18.12 17.11
NiO 0.13 0.13 0.12 0.12 0.08 0.08 0.08 0.27 0.28 0.21 0.40 0.00 0.00
ZnO 0.01 0.01 0.01 0.00 0.01 0.01 0.00 0.00 0.01 0.01 0.02 0.01 0.01
Cr2O3 1.74 1.71 1.68 1.60 1.29 0.47 0.60 0.99 1.05 1.74 0.13 0.03 0.02
V2O3 0.08 0.16 0.14 0.14 0.13 0.02 0.02 0.09 0.09 0.02 0.01 0.01 0.01
Na2O 1.39 1.66 1.59 1.57 2.12 0.01 0.70 0.51 0.56 0.02 0.00 1.65 2.09
K2O 0.20 0.52 0.55 0.57 0.28 0.00 0.01 8.79 8.86 0.01 0.00 0.00 0.01
Total 96.93 97.47 97.27 97.17 97.48 99.41 98.33 95.27 96.01 87.10 100.67 99.94 100.00
Cations
oxygens 23 23 23 23 23 6 6 22 22 28 4 32 32
Si 6.707 6.294 6.261 6.280 6.317 1.923 2.007 5.494 5.503 5.880 0.990 8.446 8.615
Ti 0.072 0.135 0.114 0.118 0.129 0.001 0.003 0.147 0.162 0.011 0.000 0.000 0.001
Al 1.827 2.389 2.447 2.414 2.383 0.122 0.193 3.002 2.952 4.202 0.000 7.469 7.335
Mg 3.679 3.104 3.239 3.255 3.117 1.573 1.116 4.621 4.604 9.136 1.868 0.001 0.001
Fe 0.687 0.929 0.802 0.798 0.995 0.356 0.054 0.519 0.540 0.339 0.137 0.009 0.010
Mn 0.009 0.010 0.010 0.010 0.024 0.006 0.002 0.001 0.002 0.002 0.003 0.001 0.000
Ca 1.796 1.905 1.934 1.938 1.823 0.010 0.469 0.002 0.005 0.007 0.000 3.590 3.373
Ni 0.015 0.015 0.014 0.014 0.010 0.002 0.002 0.031 0.032 0.032 0.008 0.001 0.001
Zn 0.000 0.000 0.000 0.000 0.000 0.000 0.000 0.000 0.000 0.000 0.000 0.000 0.000
Cr 0.196 0.195 0.191 0.183 0.148 0.013 0.017 0.111 0.116 0.259 0.002 0.004 0.004
V 0.008 0.015 0.013 0.013 0.012 0.000 0.000 0.008 0.008 0.003 0.000 0.001 0.001
Na 0.385 0.464 0.444 0.439 0.596 0.000 0.045 0.139 0.151 0.006 0.000 0.587 0.746
K 0.037 0.095 0.101 0.105 0.052 0.000 0.001 1.585 1.588 0.002 0.000 0.001 0.001
sum 15.416 15.550 15.571 15.569 15.606 4.008 3.908 15.660 15.665 19.880 2.016 20.109 20.086
mg# 0.843 0.770 0.801 0.803 0.758 0.815 0.955 0.899 0.895 0.964 0.932 An 0.890 0.819
